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Abstract The surface energy balance was analyzed using ob-
servations from the Jinta oasis experiment in the summer of
2005. A negative imbalance energy flux was found during
daytime that could not be attributed to the soil heat storage
process. Rather, the imbalance was related to the evaporation
within the soil. The soil heat storage rate and the soil moisture
variability always showed similar variations at a depth of
0.05 m between 0800 and 1000 (local standard time), while
the observed imbalanced energy flux was very small, which
implied that water vapor condensation occurred within the
soil. Therefore, the distillation in shallow soil can be derived
using reliable surface energy flux observations. In order to
show that the importance of internal evaporation and conden-
sation in the shallow soil layer, the soil temperatures at the
depths of 0.05, 0.10, and 0.20mwere reproduced using a one-
dimensional thermal diffusion equation, with the observed soil
temperature at the surface and at 0.40 m as the boundary
conditions. It was found that the simulated soil temperature
improves substantially in the shallow layer when the water
distillation is added as a sink/source term, even after the soil
effective thermal conductivity has been optimized. This result
demonstrates that the process of water distillation may be a
dominant cause of both the temperature and moisture variabil-
ity in the shallow soil layer.

1 Introduction

Surface energy fluxes determine the development of the atmo-
spheric boundary layer (Moeng and Sullivan 1994) and thus
affect the local and global climate (Garratt 1994). Much research
in this field has focused on land–air interactions (Beltrán‐
Przekurat et al. 2012; Culf et al. 2004; Heusinkveld et al. 2004;
Oke et al. 1999; Wilson et al. 2002;Wu et al. 2007), and, among
these works, the surface energy balance over different kinds of
underlying surface has always been the primary concern.

On Earth, the energy fluxes should be in balance according
to the relationship

Rn −G0 ¼ H s þ lEs; ð1Þ
where Rn is the net radiation flux at the land surface, G0 is the
surface soil heat flux, andHs and lEs are the surface sensible and
latent heat fluxes, respectively. In this study, lwas set to be 2.5×
106 J kg−1, and thus, the evaporation (or evapotranspiration—
considered the same as evaporation in this study) rate was pro-
portional to the latent heat flux. Equation 1 should always be
correct because all energy fluxes within it are absorbed (Rn) or
released (G0,Hs, and lEs) at the land surface, and the capacity of
the land surface should always be zero. However, in situ obser-
vations, Hs and lEs, are usually recorded at specific heights
using an eddy covariance system, and the soil heat flux plate
needs to be placed at a specific depth also. As a result, what we
actually observe is the energy flux entered into a system
consisting of a column of air and soil and the encompassed
canopy. Therefore, the observed energy fluxes are usually im-
balanced. The imbalanced energy flux (R) is given by

R ¼ Rn −Gre f −H s − lE; ð2Þ

where Gref is the soil heat flux at a certain reference depth (zref)
and lE is the observed latent energy flux. Being different from
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lEs, the latent heat flux due to internal evaporation can also
contribute to lE and will be discussed in this paper. Because
the observed system possesses a nonzero heat capacity, the en-
ergy change within it can induce R (Heusinkveld et al. 2004;
Jacobs et al. 2008; Yang and Wang 2008).

If thermal conduction is the main mechanism for energy
transport within the soil in the vertical direction, and there is
no significant horizontal heat transfer process, then the follow-
ing equation should hold:

S ≡ ∫
z¼zre f

z¼0
ρscs

∂T
∂t

dz ¼ G0 −Gre f ; ð3Þ

where S is the soil heat storage rate. If Es≈E, from Eq. 2, R
should be close to S. This simple case indicates that analysis of
the surface energy balance is connected to shallow-soil ther-
mal variations. In fact, some processes—being difficult to be
monitor directly—can be evaluated from analysis of the sur-
face energy of the land; for example, dew on the land surface
or canopy (Agam and Berliner 2006; Ninari and Berliner
2002). However, when thermal conduction no longer presents
the main heat transfer within soil, R may no longer be deter-
mined by S.

Being different from the surface latent heat flux, the water
vapor flux generated from the evaporation within soil pores
(internal evaporation hereafter) cannot currently be measured
directly. Some studies have reported that internal evaporation
contributes significantly to the observed surface evaporation
in loose and unsaturated soil (vadose zone) (Massmann and
Farrier 1992; Milly 1984; Ong et al. 1992; Saito et al. 2006;
Zeng et al. 2009). The process of internal evaporation de-
mands a much more complicated experimental representation
compared to that of surface evaporation flux (Monteith 1965;
Penman 1948), although its mechanism can be well described
by conceptual models (Kondo et al. 1990; Philip 1957; Philip
and De Vries 1957).

Similar to internal evaporation, the condensation of water
vapor (dew), whether on the canopy or within the soil pores—
a process identified in many studies as an important water
supplement in arid regions (Agam and Berliner 2006;
Andrade 2003; Garratt and Segal 1988; Jacobs et al. 1990,
1999, 2006, 2008)—is also difficult to monitor. Some results
show that the turbulence-induced latent energy flux should be
negative when the amount of dew exceeds the rate of evapo-
ration (Agam and Berliner 2006; Jacobs et al. 2008); however,
the inability of an eddy covariance system to measure the
turbulence at night has also been noted (Jacobs et al. 2008).
Thus, the amount of dew is usually measured by detecting the
change in soil weight and infiltrated water using a lysimeter
(Fritschen and Doraiswamy 1973; Richards 2004; Sharma
1976; Waggoner et al. 1969; Xiao et al. 2009). Obviously, this
method is efficient for evaluating the total water exchange
between a box of soil and its surroundings, but it is unable

to accurately evaluate the water exchange between soil layers
(like water distillation).

The process of water distillation within soil is suggested to
be important when the soil temperature gradient is steep
(Bouddour et al. 1998; De Vries 1958; De Vries and Philip
1986; Deru and Kirkpatrick 2002; Philip and De Vries 1957)
and is closely connected with soil hydrothermal variations
(Johnson et al. 2003; Ren et al. 2008; Shao and Irannejad
1999; Yang et al. 2005). A mass–heat coupled model should
be able to provide a full description of the movement of liquid
and gaseous water, as well as their phase transition, and in-
deed, some of the reported results from such models seem to
be comparative with laboratory observations (Gao 2005; Gao
et al. 2003; Henry 2007, 2008; Li and Sun 2008; Olivella et al.
2000; Poutou et al. 2004; Saito et al. 2006; Sakai et al. 2009;
Simunek et al. 2008). Within these studies, an effective ther-
mal conductivity is usually used to represent the heat transfer
generated from both pure thermal conduction and other pro-
cesses, such as the water distillation within soil (De Vries and
Philip 1986; Devries 1987; Heitman and Horton 2011;
Johansen 1977; Nassar et al. 1992; Sundberg 1988; Tarnawski
et al. 2000; Wang et al. 2007).

If the rate of water distillation is strong, then a more de-
tailed description of water vapor movement mainly results
from the dependence of the water vapor pressure (or concen-
tration) on temperature and water potential. In this case, the
distillation process can be expressed as the divergence/
convergence of the derived water vapor flux. However, it
should be noted that, usually, only the calculated/simulated
soil temperature, moisture, heat flux, or chemical tracer con-
tent, rather than the rate of water distillation itself, can be
compared with observations (Grifoll et al. 2005; Heitman
and Horton 2011; Sakai et al. 2009; Scanlon 1992, 1994;
Scanlon and Milly 1994). Among these studies, only a few
considered the potential effect of water distillation on the heat
or mass transfer within soil (Bittelli et al. 2008; Bouddour
et al. 1998).

The prerequisite for using a mass–heat coupled model is
that certain critical relations, such as the retention curve and
the soil thermal and hydrological conductivity functions, are
already known. This is usually a tough task for a field exper-
iment focusing on land–air interaction, like the Jinta experi-
ment mentioned in this study. Moreover, to assume the soil
column as bundles of capillary tubes, as in most heat–mass
coupled soil models, has also been criticized, for being unre-
alistic (Hunt et al. 2013; Tuller et al. 1999). Because of the
weaknesses of soil models and observations, there has been
little research conducted on land surface processes in which
proper consideration has been given to the distillation within
soil, especially in the shallow-soil layer.

Therefore, to discuss the importance of distillation within
shallow soil, we first needed to clarify how the internal evap-
oration and condensation taking place in shallow soil impact
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the observed surface energy flux. Having done this, an ap-
proach to describe the distillation in shallow soil was devel-
oped. To investigate the rationality of the approach, the soil
temperature was reproduced using a one-dimensional thermal
diffusion equation. We report our findings in the present paper
as follows: In Section 2, a brief introduction to the observa-
tional experiment is given. In Section 3, the balance between
observed energy fluxes on the land surface is investigated.
The effect of internal evaporation and condensation on the
surface energy balance is discussed in Section 4. The results
from a simple one-dimensional thermal diffusion equation are
given in Section 5. Finally, some further discussion and the
main conclusions are presented in Sections 6 and 7,
respectively.

2 Jinta experiment

The Jinta oasis is located in the western Badain Jaran desert,
along the middle reaches of the Heihe river (98° 39′–99° 08′
E, 39° 56′–40° 17′ N; approximately equal to 1500 m above
sea level), with an area of approximately 2152 km2 (Fig. 1). It
is a typical semiarid region in northwest China, being
surrounded by deserts and the Gobi (Qi et al. 2007). The
Heihe river basin is a popular site for researching land–air
interaction (Bastiaanssen et al. 1998; Tsukamoto et al. 1995;
Wang and Mitsuta 1992). More information on the location
and landscape of the Jinta oasis can be found in Chu et al.
(2005). The atmospheric optical depth is so short in this region
that the maximum irradiance at the land surface is larger than
1300 W m−2 in summer. This causes high potential evapora-
tion at around 2538 mm year−1. By contrast, the precipitation
rate is rather low, being approximately 60 mm year−1. Replen-
ishment of the soil water relies mainly on the Heihe river and
underground water.

The water exchange between the soil and atmosphere in the
Jinta oasis is peculiarly intense because of the high level of
potential evaporation and the plentiful soil water supply.
Moreover, the soil pore space is large because of the regular
human (agricultural) activity that takes place in the area.
Hence, water vapor can move freely in the vertical direction
as in the vadose zone (Massmann and Farrier 1992; Milly
1984; Ong et al. 1992; Saito et al. 2006; Zeng et al. 2009).
All these conditions are conducive to the occurrence of inter-
nal evaporation within the soil.

The observation site (39° 59.488′ N, 98° 56.177′ E) is
located in an irrigated field of spring wheat. The observations
were taken from June 17 to July 8, 2005. Since the field is flat
and well plowed, the soil features near the observation site can
be considered as horizontally homogeneous. There was no
precipitation during the observation period, but the field was
irrigated on the morning of June 22. Therefore, the data from
0000 (LST, the same hereafter) June 26 to 0000 July 7 were

chosen for this study. The observational instruments are listed
in Table 1. The eddy covariance system contains a three-
dimensional sonic anemometer and an H2O analyzer, with a
sampling frequency of 10 Hz. The turbulent energy fluxes
were calculated and stored every 10 min. The observational
data were subjected to necessary quality control, but no sub-
jective selection was applied to the data so as to guarantee the
representativeness of the conclusions.

3 Surface energy flux balance analysis

The observed surface energy flux is given in Fig. 2. It is easy
to see that most of the surface net radiation (Rn) is converted
into latent energy (lE) during daytime; the sensible heat flux
(Hs) is smaller than the soil heat flux (Gref). A greater surface
soil heat flux (G0) can be expected during daytime (Eq. 3),
which indicates that the energy transport within the soil is
particularly intense in the oasis farmland. The intense soil heat
flux provides the energy for internal evaporation, which may
sequentially induce the internal condensation. Because there
are no reliable methods to directly monitor the phase transition
processes of water within soil, we first turn to analyze the
surface energy balance.

The imbalance energy flux (R) is easy to calculate from
Eq. 2. The imbalance has various potential causes, e.g., sec-
ondary circulation due to a nonuniform underlying surface
(Han et al. 2010) and atmospheric low-frequency fluctuations
(Sakai et al. 2001). If the surface energy fluxes are properly

Fig. 1 Geographical and land-use sketch map of the Jinta oasis (Ao, et al.
2014)
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observed, and there is no other energy transport process be-
tween the observed system and its environment, then S should,
from Eqs. 2 to 3, be the main contributor to R. Indeed, such a

result has been confirmed in many previous studies (Culf et al.
2004; Foken 2008; Foken et al. 2010), especially in bare soil
over semiarid regions (Heusinkveld et al. 2004; Oncley et al.
2007). Thus, we also expected similar results in the Jinta
experiment.

From Eq. 3, using the observed soil temperature, S can be
approximately calculated by

S≈
1

2

∂
∂t

T s fc þ ∂
∂t

T05

� �
ρscszre f ; ð4Þ

where T05 is the soil temperature at a depth of 0.05 m, and ρs
and cs are the density and heat capacity of the soil, respective-
ly. The quantity Tsfc is the land surface temperature, which is
derived from the Stefan–Boltzmann relationship to be

T s fc ¼
Rlu− 1−εg

� �
Rld

εgσ

� �1=4

; ð5Þ

where εg=0.98 is the surface emissivity; Rlu and Rld are the
upward and downward long-wave radiative fluxes at the land
surface, respectively, and σ=5.67×10−8 (W m−2 K−4) is the
Stefan–Boltzmann constant. The volumetric capacity of
moistened soil, ρscs, is given by the following relationships:

ρscs ¼ ρdrycdryθsat þ ρwcwθ: ð6Þ

Here, θsat is the soil porosity, equal to 0.6 for all soil layers,
which is derived from the observed volumetric soil water con-
tent, θ (m3 m−3). The quantities ρdrycdry and ρwcw are the
volumetric capacities of dry soil and liquid water, set to be
2.2×106 and 4.2×106 J K−1 m−3, respectively. Note that al-
though the soil heat capacity is given empirically, it did not
affect the simulations described in Section 5.

The variations of R and S are given together in Fig. 3, as
computed by Eqs. 3–6. Obviously, R and S possess quite dif-
ferent phases, especially from their daily averaged diurnal
variation (Fig. 3b): before 1200, when S reaches its maximum
value at 0900, R is generally small, and even negative;

Table 1 Instrument and
measurement height for the Jinta
experiment

Observation instrument Model Manufacturer Probe height/depth (m)

3-D sonic anemometer CSAT3 Campbell 3.20

H2O analyzer KH20 Campbell 3.20

Net radiometer CNR1 Kipp & Zonen 1.50

Soil temperature sensor 107 L Campbell −0.05
−0.10
−0.20
−0.40

Soil water content sensor CS616 Campbell −0.05
−0.10
−0.20

Soil heat flux plate HFP01 Hukseflux −0.05

Fig. 2 Observed daily variations of the surface energy flux from 0000
June 27 to 0000 July 8 (a) and their daily averaged diurnal variations (b).
The lines in b are the same as those indicated by the legend in a but for the
diurnal averaged value. A 7-point smoothing has been applied in both a
and b. The colors represent the standard deviation for each moment in a
day
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between 1200 and 1800, although they are both decreasing, R
is still much smaller than S. Such results indicate that the
energy transport in soils may not just rely on thermal conduc-
tion, according to Eq. 3.

Coincidently, the soil moisture variability (θt) at a depth of
0.05 m shows almost identical variation as S (Fig. 3). From
Fig. 4, the correspondence between S and θt is more robust
than that between S andR during the entire observation period.
In other words, the process of heating (cooling) and moisten-
ing (drying) in upper shallow soil seems to take place simul-
taneously. Because the heating–moistening process corre-
sponds naturally to condensation, and the cooling–drying pro-
cess to evaporation, the rate of water distillation seems to be
reflected in the surface energy flux analysis.

4 Internal evaporation/condensation in soil

To help understand the energy transfer in loose soil during
daytime, a schematic diagram is given as Fig. 5. Here, the heat
storage in air and plants was ignored, so the capacity of the

observed system was approximately equal to that of the soil
column between the land surface (Z0) and Zref (0.05 m).

4.1 Internal evaporation

When internal evaporation is considered, the observed latent
heat flux (lE) can be divided into two portions:

lE ¼ lEs þ lEi
0: ð7Þ

Here, Ei′ is the vertical vapor flux generated by internal
evaporation in soil pores and delivered upward by molecular
diffusion (Kondo et al. 1990). At the level of Zref, Ei is the
vertical vapor flux. The direct energy supplement for lEi (or
lEi′) is not from radiation at the land surface but by the loss of
internal energy within the soil, i.e., the evaporation-induced
cooling process, although the soil heat flux may compensate
for the energy loss within the soil.

In the soil layer between the surface and Zref, when the
internal evaporation-induced vapor flux, Eic, has been consid-
ered, its internal energy control equation can be written as

S≡csρs
Z Z¼Zre f

Z¼0

dT

dt
dZ ¼ G0−Gre f−lEic: ð8Þ

Therefore, Eq. 3 is no longer true in this situation. By
putting Eqs. 7 and 8 into Eq. 2, R can be calculated by

R≡Rn−Gre f−H s−l Es þ E0
ið Þ ¼ Rn−G0−H s−lEsð Þ

þ S þ lEic−lEi
0 ¼ S þ lEic−lEi

0:
ð9Þ

Thus, besides soil heat storage, the latent heat flux from
internal evaporation in the soil also contributes to the observed
imbalanced energy flux.

Fig. 3 As in Fig. 2 but for the residual energy flux (R, red dashed line),
soil heat storage (S, black solid line) and moisture variability at a depth of
0.05 m (θt, blue dashed line)

Fig. 4 The soil heat storage rate (S, from Eq. 3) against the energy
change corresponding to soil moisture variability (θtρwl from Eq. 15,
filled circles) and that against the residual energy flux (R in Eq. 2, open
circles), every 10 min, from the Jinta experiment. Their linear fitted
functions are also given as a solid (θtρwl vs. S) and dashed line (R vs.
S), respectively
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If there is no condensation in the soil and the vapor density
in the soil is constant, then the following is valid:

Eic ¼ Ei
0−Ei: ð10Þ

With the assumption that the soil temperature change is
rather small (S≈0), from Eqs. 9 to 10, R should be close to
−lEi. Therefore, the more significant the internal evaporation
is that takes place below Zref, the more negative the imbal-
anced energy flux will be. This phenomenon can be seen in
the observation at 1630 in Fig. 3b. During the observation
period, the daily averaged R was −24.22 W m−2, which may
be comparable to the daily averaged latent heat flux from the
internal evaporation there. Moreover, during the observation
period (11 days), little change was observed in the daily mean
soil moisture at 0.05m (Fig. 7), but the soil moisture at a depth
of 0.20 m decreased from approximately 0.50 to 0.35 m3 m−3.
The capillary process can also contribute to the drying process
in deeper soil. Its effect is discussed later in Section 6.

If the internal evaporation mainly takes place above Zref

(Ei≈0), then Eic≈Ei′. From Eq. 3 to 9, R still equals S. How-
ever, the internal evaporation still contributes to the observed
latent energy flux in this situation. Because an underestima-
tion of G0 will be given if Eq. 3, rather than Eq. 8, was used,
this counteracts the overestimation of lEs (because here lE is
used) and makes R identical to S. This can explain why the

internal evaporation has seldom been noted in many previous
studies.

Generally speaking, when internal evaporation occurs,
there is a source of latent energy flux (lEi′) in deeper soil
layers. Because this part of the vapor flux cannot be distin-
guished from those generated at the land surface (lEs), the
surface energy balance equation cannot be properly verified
from observations.

4.2 Internal condensation

When internal condensation (Ci) occurs in shallow soil, sim-
ilar to Eq. 8, the conservation of energy in soil must hold

S≡csρs
Z Z¼Zre f

Z¼0

dT

dt
dZ ¼ G0−Gre f þ lEi−lEi

0 ¼ G0−Gre f þ lCi:

ð11Þ

Here, we assume that the density of water vapor in the soil
pore space is constant so that the intensity of condensation Ci

should be equal to the difference between Ei and Ei′. From
Eq. 11, the imbalanced energy flux should be

R≡Rn−Gre f−H s−l Es þ Ei
0ð Þ ¼ S−lCi−lEi

0: ð12Þ

Obviously, R will be reduced by condensation even if S is
great. For an idealized case, (1) Ei′ is zero, which means that
the water vapor from internal evaporation in deep soil has all
been condensed near a certain level (Z=Zc, as in Fig. 5) and
(2) the variation of soil temperature is mainly determined by
condensation, S≈lCi, meaning R should then be close to zero,
according to Eq. 12. This perfectly reflects the small R but
great S for the period between 0800 and 1200 in Fig. 3b. For
this situation, the internal condensation, internal evaporation,
and thermal conduction form an energy circle between shal-
low and deep soil. When condensation occurs above the soil
heat flux plate (Zc<Zref, as in Fig. 5), this energy circle trans-
ports a considerable amount of latent energy into the observed
system from deeper soil layers.

When internal evaporation and condensation happen si-
multaneously, the soil heat storage rate is

S≡csρs
Z Z¼Zre f

Z¼0

dT

dt
dZ ¼ G0−Gre f−lEic þ lCi: ð13Þ

If the variability of the total soil moisture in the layer be-
tween Z=0 and Z=Zref is mainly modulated by internal evap-
oration and condensation, it followsZ Z¼Zre f

Z¼0
θtdZ≡

Z Z¼Zre f

Z¼0

dθ
dt
dZ ¼ p Ci−Eicð Þ

ρw
; ð14Þ

where p is a proportionality coefficient. Assuming that the
difference between G0 and Gref is very small, substituting
Eq. 14 into Eq. 13 gives
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Fig. 5 Vertical cross-section of the soil–atmosphere energy transfer dur-
ing the daytime at the Jinta experiment site. Arrows represent the energy
fluxes. On the land surface, there is surface net radiation flux (Rn), surface
evaporation flux (Es), surface sensible heat flux (Hs), surface soil heat flux
(G0), and water vapor flux from internal evaporation (Ei′). The energy
fluxes within the soil are internal evaporation flux (Ei), internal conden-
sation flux (Ci), and soil heat flux (Gref). The latent heat coefficient (l) has
been ignored. There are three levels noted: Z0, land surface; Zc, the depth
where condensation always takes place; and Zref, where the soil heat flux
plate was buried (0.05 m) during the experiment
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S ¼ lρwp
Z Z¼Zre f

Z¼0
θtdZ≈lρwpθt

���Z¼Zre fΔZ; ð15Þ

where ΔZ=0.05 m. Equation 15 partly explains the identical
variation of S and θt in Fig. 3. From the slope of the fitted line
in Fig. 4, and with the assumption that the soil moisture var-
iability is identical above a depth of 0.05 m, p should be about
71 %. Therefore, we suggest that the observed thermal varia-
tion of shallow soil is mainly determined by the water distil-
lation within it, although other process like capillary action or
film absorption may also be important. What we believe to be
the most important finding is that it is improper to derive G0

using Eq. 3 when the water distillation is intense in shallow
soil.

From the above discussion, the intensity of internal evapo-
ration and condensation can be evaluated from the shallow
soil moisture variability. Whether such an approach is still
useful in a soil temperature equation is discussed in the next
section.

5 Numerical simulations

Although there are many powerful hydrological models (e.g.,
HYDRUS-1D (Saito et al. 2006)) that can give a full descrip-
tion of the water and energy transfer in soil, a simple model
based on a one-dimensional soil thermal diffusion equation
(TDE hereafter) was chosen in this study. This is because,
even for a perfect model, it can only reproduce the soil hydro-
thermal variations properly if the soil features, such as the
retention curve and the thermal and hydrological conductivity,
etc., all of which have not been consistently measured in the
Jinta experiment, are known and properly represented. It
should also be noted that a bias of about 10 K for soil temper-
ature and 0.1 m3 m−3 for soil moisture is common in simula-
tions using a mass–heat coupled soil model (Bittelli et al.
2008; Grifoll et al. 2005; Scanlon 1992). This would bring
great uncertainty to the discussion on the significance and
intensity of water distillation.

The TDE concerns the heat fluxes forced by the temper-
ature gradient in soil. Besides pure thermal conduction, the
linear part of the liquid and vapor water fluxes induced by
the thermal gradient will also be involved if an effective
thermal conductivity has been selected (De Vries and Philip
1986; Devries 1987; Heitman and Horton 2011; Johansen
1977; Nassar et al. 1992; Sundberg 1988; Tarnawski et al.
2000; Wang et al. 2007). Moreover, since the observational
analysis revealed a simple way to present the rate of water
distillation (Eq. 15), it would be interesting to see whether
such a relation can improve the simulation of soil tempera-
ture, even after a proper effective thermal conductivity has
been selected.

5.1 Thermal diffusion equation

The formation of the TDE is given by

∂ρscsT
∂t

¼ ∂
∂z

λs
∂T
∂z

� �
; ð16Þ

G≡λs
∂T
∂z

: ð17Þ

where λs is the soil effective thermal conductivity and ρscs is
given in Eq. 6. If we assume that λs and ρscs are both homo-
geneous in the vertical direction, then Eq. 16 can be rewritten
as

∂T
∂t

¼ k
∂2T
∂z2

; ð18Þ

k ¼ λs

Csρs
: ð19Þ

Here, k is known as the soil thermal diffusivity.
The numerical formation of the TDE is described in Yang

and Wang (2008). The observed soil temperatures at the land
surface (z=0) and at a depth of 0.40 m are set as the boundary
conditions. The number of layers in the model is 80; the
depths of the upper layers are smaller than the lower layers.
The component of dry soil is assumed to be uniform above
0.40 m. λs is given by the following:

λs ¼ 1‐θsatð Þλdry þ θλw þ θsat−θð Þλa; ð20Þ

where λw and λa are the thermal conductivity of liquid water
and air in the soil, set to be 0.60 (unit: W m−1 K−1) and 0.023,
respectively. λdry is not the pure thermal conductivity of dry
soil but represents part of the heat transfer by liquid and vapor
water as well. With this consideration, an optimal λs can be
determined though comparing the bias from different simulat-
ed cases with different λdry.

The simulation deviation at each level is defined as

Tba t; zð Þ ¼ Tob t; zð Þ−T c t; zð Þ; ð21Þ
where Tob represents the observation and Tc represents the
calculated value from the TDE. The root-mean-square devia-
tion is defined as

δ zð Þ ¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiX
t¼1

nt

Tba t; zð Þ2
s

nt−1
; ð22Þ

where nt represents the number of observation samples. Con-
sidering the observation level (Table 1), the simulation is com-
pared with observations at depths of 0.05, 0.10, and 0.20 m.

The δ at three levels for different λdry values is given in
Table 2. The δ at a depth of 0.05 m is smallest when λdry=1.0,
but is much greater at other depths. The sum of δ at the three

Internal evaporation and condensation characteristics



levels is smallest when λdry=1.2. Fig. 6 shows the daily aver-
aged diurnal variation of Tba at a depth of 0.05 m in three
cases. Between 0800 and 1700, the Tba in all three cases is
positive, meaning that the simulated soil temperature is lower
than observed. However, during other periods, the situation is
opposite. The phase of Tba in different simulations is similar,
indicating that the cause may be the same.

To discuss the cause of Tba, the temperature control equa-
tion for the real soil can be written as

∂ρscsT ob

∂t
¼ ∂

∂z
λs
∂T ob

∂z

� �
þ Q: ð23Þ

Here, Q is the heating/cooling process that was not consid-
ered well in the TDE. After replacing Twith Tc in Eq. 16, we
subtract Eq. 16 from Eq. 23 to arrive at

∂ρscsT ba

∂t
¼ ∂

∂z
λs
∂Tba

∂z

� �
þ Q: ð24Þ

The first term on the right-hand side of Eq. 24 cannot be
precisely calculated because the Tba at depths of 0.05, 0.10,
and 0.20 m only can be given. For a qualitative analysis, we

ignore this term to obtain

∂Tba

∂t
≈

Q

ρscs
: ð25Þ

Equation 25 indicates that Q should be identical to the
variability of Tba. Thus, from Fig. 6, when Tba increases from
0800 to 1000, Q should be positive and corresponding to a
heating process, while after 1000, a cooling process.

5.2 Simplification of internal evaporation
and condensation

Basing on the surface energy analysis in the previous section,
internal evaporation and condensation can be presented as a
soil moisture change rate (θt) (Eq. 14).With this consideration,
the control equation for the soil temperature in the presence of
internal evaporation and/or condensation can be simply given
as

∂ρscsT
∂t

¼ ∂
∂z

λs
∂T
∂z

� �
þ lρwθtp

0: ð26Þ

Here, p′ is introduced to represent the proportion of
evaporation- and/or condensation-induced soil moisture
change. From Eq. 14, p′ should be proportional to the recip-
rocal of p. Compared with Eq. 25, the following should hold:

Tba≈Cθþ constant; ð27aÞ

Table 2 Root-mean-square
deviation of soil temperature (δ,
units: 10−3 K) from the TDE in
the cases with different thermal
conductivities of dry soil (λdry,
units: W m−1 K−1)

0.8 1.0 1.2 … 2.2 2.4 2.6 … 3.5 3.7 3.9

Z=0.05 6.98 6.94 6.97 … 7.75 7.99 8.24 … 9.46 9.74 10.0

Z=0.10 1.99 1.82 1.66 … 1.07 1.04 1.05 … 1.50 1.66 1.82

Z=0.20 0.99 0.93 0.87 … 0.59 0.53 0.48 … 0.32 0.31 0.33

The minimum in each row is in bold

Fig. 6 The 11-day averaged diurnal variation of simulation deviation
(Tba) at a depth of 0.05 m from simulation cases with λdry being equal
to 1.0, 2.4, and 3.7 (see Eq. 20). The results for λdry equal to 1.0 and 3.7
have had −1 and 1 added to them, respectively

Fig. 7 Daily variation of observed soil moisture (θ, solid line) and Tba
(dashed line) with λdry=1.0 at a depth of 0.05 m from June 27 to July 7,
2005
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C ¼ lρwp
′

ρscs
: ð27bÞ

The daily variation of Tba (λdry=2.4) and θ at a depth of
0.05 m from June 27 to July 7 are given in Fig. 7, and their
mean diurnal variation is given in Fig. 8. Obviously, their
identical diurnal variation partly confirms Eq. 27a. The sur-
face soil moisture (θ00) is calculated by linear extrapolation
from the observation at the depths of 0.05 and 0.10 m. With
increasing depth, the phases of soil moisture are delayed but
the amplitudes do not decay. If the intensity of internal evap-
oration and condensation decays exponentially with depth,
then p′ can be given as

p0 ¼ exp −
z

Dw

� �
: ð28Þ

Here,Dw is the e-folding depth for internal evaporation and
condensation. Equation 28 suggests that both internal conden-
sation and evaporation will concentrate near the surface. Put-
ting Eq. 28 into Eq. 26 and using the same settings and bound-
ary conditions as in the TDE, we can reproduce the soil

Fig. 8 Daily averaged diurnal variation of soil moisture at depths of
0.0 m (θ00), 0.05 m (θ05), 0.10 m (θ10), and 0.20 m (θ20). θ00 is linearly
extrapolated from θ05 and θ00. The mean values at the four levels, which
are 0.10, 0.20, 0.31, and 0.41, respectively, have all been subtracted

Table 3 Root-mean-square deviation (δ, units: 10−3 K) at different levels from the TDE_EC in cases with different thermal conductivities (λdry, units:
W m−1 K−1) and Dw (see Eq. 27, units: m)

Dw λdry=0.3 0.4 0.5 0.6 0.7 0.8 0.9 1.0 1.5 2.0 2.5 3.9

0.01 Z=0.05 5.48 5.42 5.39 5.40 5.43 5.48 5.56 5.66 6.35 7.24 8.21 10.8

Z=0.10 2.70 2.58 2.46 2.35 2.22 2.12 2.00 1.90 1.43 1.12 1.12 2.32

Z=0.20 1.14 1.11 1.08 1.04 0.99 0.97 0.94 0.90 0.74 0.57 0.43 0.42

0.02 Z=0.05 5.07 5.05 5.06 5.09 5.15 5.23 5.34 5.47 6.27 7.23 8.23 10.9

Z=0.10 2.66 2.54 2.42 2.30 2.19 2.07 1.96 1.86 1.39 1.10 1.16 2.41

Z=0.20 1.14 1.11 1.08 1.04 1.00 0.97 0.94 0.90 0.74 0.57 0.43 0.42

0.03 Z=0.05 4.75 4.77 4.82 4.90 5.00 5.12 5.26 5.41 6.32 7.35 8.39 11.09

Z=0.10 2.53 2.41 2.29 2.18 2.07 1.96 1.85 1.75 1.33 1.17 1.33 2.67

Z=0.20 1.14 1.11 1.07 1.04 0.99 0.96 0.93 0.90 0.73 0.57 0.43 0.42

0.04 Z=0.05 4.77 4.82 4.90 5.01 5.14 5.28 5.44 5.61 6.57 7.62 8.66 11.35

Z=0.10 2.41 2.30 2.19 2.09 1.99 1.90 1.81 1.73 1.44 1.43 1.70 3.08

Z=0.20 1.14 1.10 1.07 1.03 1.00 0.96 0.93 0.90 0.73 0.58 0.42 0.42

0.05 Z=0.05 5.01 5.08 5.19 5.30 5.44 5.60 5.77 5.95 6.92 7.94 8.98 11.61

Z=0.10 2.40 2.30 2.22 2.14 2.06 2.00 1.93 1.88 1.75 1.87 2.19 3.56

Z=0.20 1.14 1.10 1.07 1.03 1.00 0.97 0.94 0.90 0.74 0.58 0.44 0.44

The minimum value in each row is in bold

Fig. 9 As in Fig. 6 but for the results of the TDE_EC (Dw=0.03).
Triangles show where the absolute value of the daily averaged Tba from
TDE_EC is smaller than those obtained from the TDE
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temperature. The thermal diffusion equations with internal
evaporation and condensation are indicated as TDE_EC.

The reproduced soil temperature from TDE_EC is much
closer to the observation (Table 3). The most significant im-
provements take place in the upper layer (0.05 m) where δ has
been reduced by 30%. The δ at 0.10 m becomes worse than in
the TDE method, but remains acceptable. The δ at 0.20 m
changes little because the water distillation there is weak. It
should be noted that the optimized λs in TDE_EC tends to be
smaller than that in the TDE. This is because the distillation
has been separately considered, and thus, λs in TDE_EC
should be closer to the pure soil conductivity rather than the
effective conductivity in the TDE. To demonstrate the im-
provement of TDE_EC, its daily averaged Tba is given in
Fig. 9. For different λdry quantities, the simulation of TDE_EC

is closer to the observations during most periods than that
from the TDE. This indicates that the distillation process
should be robust in the shallow soil layer during the experi-
ment periods.

Therefore, relying on the selection of a proper effective
thermal conductivity is insufficient to successfully represent
the heat transfer in soil due to water distillation. Instead, when
a part of the soil moisture change is accounted for by internal
evaporation and condensation, the numerical reproduction of
soil temperature becomes much improved, especially in the
shallow soil layer.

6 Discussion

Besides water distillation, the vertical liquid water flux in soil
also impacts both the soil temperature andmoisture and is thus
referred to as soil thermal convection (Gao 2005; Gao et al.
2003). The inclusion of thermal convection in the TDE can be
represented by

∂ρscsT
∂t

¼ ∂
∂z

λs
∂T
∂z

� �
−ρwcwwθ

∂T
∂z

; ð29Þ

wherew is the vertical speed of the liquid water, positive being
upward. If there are no liquid water supplements, such as
precipitation and irrigation, w is positive during daytime be-
cause the water evaporated at the land surface needs to be
balanced. Therefore, the vertical gradient of soil temperature
will determine the heating rate of thermal convection.

Figure 10 shows the observed soil temperature difference
between the surface and a depth of 0.05 m and between the
depths of 0.05 and 0.10 m. The temperature gradient between
0.05 and 0.10 m is negative from 0800 to 0900. Therefore, the
thermal convection will indeed heat the soil at a depth of
0.05 m. However, the soil temperature in the upper layer is

Fig. 10 Daily averaged diurnal variation of soil temperature difference
between the surface and a depth of 0.05 m (T00–T05) and between the
depths of 0.05 and 0.10 m (T05–T10). The hatched shading shows their
standard deviations

Fig. 11 Diagrams to show the effect of internal evaporation/
condensation within soil on the observation of surface energy balance.
All arrows stand for energy fluxes. The two yellow boxes stand for the
soil heat storage rate: S for the layer from Z0 to Zref and Si for the layer
under Zref. In a, there is no internal evaporation/condensation; Eq. 3 (S=

G0–Gref) is true in this situation. In b, there is internal evaporation hap-
pening in the soil, which should follow lEi=Gref−Si. In c, all water vapor
flux generated through internal evaporation (lEi) has been condensed (lCi)
in the layer above Zref; Eq. 11 is true in this situation
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usually higher than that in the lower layer for most of the
daytime. This means that thermal convection tends to cool
the soil at a depth of 0.05 m, which is not expected from
previous analysis. Furthermore, what may be more important
is that the second term on the right-hand side of Eq. 29 is too
small (∼1 W m−2 within a depth of 0.4 m) than observed R.
Therefore, the liquid water flux may not be the main cause for
the bias of soil temperature in the TDE.

Besides hydrothermal processes in soil, the variation of
water in plant roots might also affect the soil moisture ob-
served (Cowan 1965; Huck et al. 1970; Laio et al. 2001;
Priesack et al. 2012). Thus, it may partly contribute to the
observed diurnal variation of soil moisture, but it cannot cause
such a significant R. Therefore, compared with previous stud-
ies on water distillation in soil (Bittelli et al. 2008; Bouddour
et al. 1998), this study is based more on field observations.

The most intense condensation in shallow soil is suggested
to occur in the early morning (from 0800 to 1000 LST) in the
Jinta oasis. This seems to be different from previous reports
based on lysimeter observations (Jacobs et al. 1999, 2006,
2008). In these studies, the internal condensation mainly oc-
curred at nighttime, and the soil was losing water during the
daytime. However, it should be noted that only the distillation
in the shallow soil layer (above the heat flux plate) can be
reflected in surface energy balance analysis. In fact, even
when the internal condensation is strong in shallow soil, the
whole soil column is still losing water through evaporation
(Fig. 2).

7 Conclusion

This study found that, in the Jinta oasis experiment, the ob-
served soil heat storage above 0.05m between 0800 and 1000,
as well as the significant negative imbalanced energy flux
during daytime, can be explained by the impact of internal
condensation and evaporation, respectively.

To further clarify the main mechanism of internal evapora-
tion and condensation involved, we provide simple diagrams
in Fig. 11. The general situation for the surface energy flux
balance is presented in Fig. 11a, within which the water dis-
tillation can be neglected. When there is significant internal
evaporation but no condensation (Fig. 11b), the eddy covari-
ance system will erroneously count the internal evaporation,
which is generated in the soil layer under Zref, as the total
surface evaporation, causing a negative imbalanced energy
flux. If all water vapor flux generated by internal evaporation
has been condensed in the soil layer above Zref (Fig. 11c), then
the soil heat storage in the layer above Zref cannot be used to
derive the soil heat flux at the surface (G0), as suggested by
previous studies (Culf et al. 2004; Foken et al. 2006; Garratt
1994). We suggest that about 70 % of the soil moisture

variability above a depth of 0.05 m can be attributed to water
distillation in the Jinta oasis.

In order to show the importance of water distillation within
soil, the soil temperature was reproduced using a one-
dimensional thermal diffusion equation. Even after the ther-
mal effective conductivity was optimized, the bias of simulat-
ed shallow soil temperature could be reduced by about 30 %
after the water distillation was considered to be proportional to
the soil moisture variability in the shallow soil layer.
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